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Moreover, the low accumulation rates at East Antarctic core sites
have precluded convincing quantifications of the isotopic thermometers using independent information from borehole temperatures, the most direct legacy of past climate. One Antarctic
study used such information (14), but the small accumulation
rate at the site meant that diffusive heat transport greatly dominated advection, rendering the method imprecise.
Here we present a reconstruction of West Antarctic temperature history from the site of the West Antarctic Ice Sheet
Divide ice core (WDC) (15, 16). This site is uniquely suitable
for analyses using borehole temperatures, given the combination of thick ice and high snow accumulation rate, together with
the wealth of information provided by the 68-ky core record.
Elsewhere, similarly favorable conditions prevail only in central
Greenland (10).
Reconstruction
We measured temperatures in the 3.4-km-deep WDC borehole (Materials and Methods). The temperature profile reveals
a direct thermal remnant of the deglacial transition and subsequent Holocene temperature changes (Fig. 1).
Because of diffusive smoothing, borehole temperatures contain information about only long-term averages of climatic temperatures (SI Reconstruction Strategy). Our analysis therefore
incorporates two additional sources of thermometric information from the core: the deuterium isotopic composition of ice
(δD) and the nitrogen isotopic composition of trapped gas
(δ 15 N) (SI Ice-Isotopic Data and SI Nitrogen-Isotopic Data and
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rom the Last Glacial Maximum (LGM) around 21 ka to the
middle of the Holocene, increased greenhouse gas concentrations and reduced reflectivities of the surface and atmosphere
directly increased the uptake of energy to Earth’s climate system
by about 7W·m−2 (1–3) and warmed the surface by 3–6 ◦ C on
average (4–7). Although contributing little to this global average
because of the comparatively small area involved, the warming
in polar regions holds particular interest. In addition to driving
changes of ice sheets, permafrost, and hydrology and modulating
oceanic and atmospheric circulations, polar warming partly controlled both the evolution of surface reflectivity and the transfer of carbon dioxide from ocean to atmosphere and hence the
climate forcing itself. Further, reconstructions of polar warming
during deglaciation permit quantification of one key prediction
of climate theory—that feedback processes amplify temperature
changes in polar regions relative to the global average (4, 8, 9),
a phenomenon referred to as polar amplification. Arctic data
reveal a warming three to four times the global average based
on a wide variety of indicators (6), including combined analyses
of ice-core data and borehole temperatures (10, 11). Limited
available constraints suggest a smaller but still amplified Antarctic warming, roughly 1.5 to 2.5 times greater than the global
average (6, 12). This Antarctic estimate, however, derives from
the isotopic composition of ice measured in cores. The scaling
between ice isotopic composition and temperature depends on a
great many factors (section 15.5 in ref. 13), such as the seasonal
timing of snowfall and rate-dependent fractionations in clouds,
that remain poorly known and are expected to vary with time.
www.pnas.org/cgi/doi/10.1073/pnas.1609132113

Significance
The magnitude and timing of Antarctic temperature change
through the last deglaciation reveal key aspects of Earth’s climate system. Prior attempts to reconstruct this history relied
on isotopic indicators without absolute calibration. To overcome this limitation, we combined isotopic data with measurements of in situ temperatures along a 3.4-km-deep borehole. Deglacial warming in Antarctica was two to three times
larger than the contemporaneous global temperature change,
quantifying the extent to which feedback processes amplify
global changes in polar regions, a key prediction of climate
models. Warming progressed earlier in Antarctica than in the
Northern Hemisphere but coincident with glacier recession
in southern mountain ranges, a manifestation of changing
oceanic heat transport, insolation, and atmospheric CO2 that
can further test models.
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The most recent glacial to interglacial transition constitutes a
remarkable natural experiment for learning how Earth’s climate
responds to various forcings, including a rise in atmospheric CO2 .
This transition has left a direct thermal remnant in the polar ice
sheets, where the exceptional purity and continual accumulation
of ice permit analyses not possible in other settings. For Antarctica, the deglacial warming has previously been constrained only
by the water isotopic composition in ice cores, without an absolute thermometric assessment of the isotopes’ sensitivity to temperature. To overcome this limitation, we measured temperatures
in a deep borehole and analyzed them together with ice-core data
to reconstruct the surface temperature history of West Antarctica. The deglacial warming was 11.3 ± 1.8 ◦ C, approximately two
to three times the global average, in agreement with theoretical
expectations for Antarctic amplification of planetary temperature
changes. Consistent with evidence from glacier retreat in Southern Hemisphere mountain ranges, the Antarctic warming was
mostly completed by 15 kyBP, several millennia earlier than in the
Northern Hemisphere. These results constrain the role of variable
oceanic heat transport between hemispheres during deglaciation
and quantitatively bound the direct influence of global climate
forcings on Antarctic temperature. Although climate models perform well on average in this context, some recent syntheses of
deglacial climate history have underestimated Antarctic warming
and the models with lowest sensitivity can be discounted.
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Fig. 1. Observed and modeled temperatures in the WAIS Divide borehole.
(Left) Ice temperature profile observed in 2014. At this scale the model and
measurements are indistinguishable, as are the profiles measured in 2011
and 2014. Left Inset expands the upper portion and compares the model to
the 2014 observation. The cold region centered around 1,700 m is a remnant of the last glacial climate. (Right) Difference between observed temperatures and optimal models (model minus observed), for both the 2011
and 2014 measurements.

Fig. S1). Although not perfect thermometers, isotopic data
provide a constraint based on temperature-dependent physical processes, and their use avoids a priori assumptions about
climate variability that are otherwise required for interpreting
borehole temperatures. The temperature (T ) dependence of δD
arises from atmospheric distillation processes (17) and, despite
potential complexities, is usually treated as a linear relationship:
δ = γ T + β. Due to gravitational settling of heavy gases, δ 15 N
measures the thickness of firn (18, 19), the 50- to 120-m-deep
porous layer of consolidated snow that blankets the ice-sheet
surface. Firn densification proceeds at a rate dependent on both
temperature and loading, so firn thickness depends on both temperature and accumulation rate (20, 21). Higher temperatures
and slower accumulation both produce thinner firn, reducing
δ 15 N.
To determine the surface temperature history Ts (t), we optimized the match between temperatures measured in the borehole and those calculated with a numerical model of heat transfer
driven by various Ts (t) scenarios as a boundary condition (Materials and Methods and SI Calculation of Temperatures vs. Depth).
To start, we filtered the deuterium ice-isotopic record (δD) to
remove high-frequency variability. Using the time derivative of
this filtered history (δ̇), we then optimized the temperature variation (relative to modern) given by
Z
∆Ts (δ) =
γ −1 (t) δ̇(t) dt,
[1]
t

where the coefficient γ (t) takes three values (Table S1), one for
each of the three major periods of isotopic change (deglacial,
early to mid-Holocene, and late Holocene). Fig. 2A shows the
result. This calibrated ∆Ts (δ) is then used without further
adjustments in subsequent optimizations of
Ts (t) = To + ∆Ts (δ) +
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mid- to late Holocene (SI Basis Functions and Fig. S2). Magnitudes are within ±0.5 ◦ C in the final reconstruction.
To incorporate δ 15 N data, the temperature history can be
adjusted further by an amount ∆TN determined by densification
physics to reconcile the accumulation rate histories derived two
independent ways (Materials and Methods and SI Firn Thickness
Model and Use of Nitrogen Isotope Data): one from Ts (t) and
δ 15 N using a model for the evolving firn density and thickness
and a second one from the ice core’s observed annual layer thicknesses, corrected for strain using glaciological parameters determined in the optimization of Eq. 2. The multiplier ω(t) ranges
between 0 and 1, allowing us to control the relative importance of
ice and gas isotopic records. It safeguards against possible problems with the nitrogen isotope method; the accuracy of ∆TN as
a thermometer is not well established, especially given imperfections of firn densification models and irregularities of the gastrapping process at the firn base. We examined reconstructions
with various ω values and used borehole temperatures to identify the range of admissible scenarios (SI Calculation of Limits
and Tolerance).
Our final reconstruction (Fig. 2) uses ω > 0.5 for all but
the late Holocene (Materials and Methods and SI Firn Thick-
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in which the free parameters are three coefficients ci and a
constant To , the modern temperature. This relation introduces
three basis functions gi (t), with ranges ∈ (0, 1) that reflect the
broadest pattern of variations seen in the observed temperature–
depth profile. They allow for adjustments to reconstructed average temperatures of the late glacial period, early Holocene, and
14250 | www.pnas.org/cgi/doi/10.1073/pnas.1609132113

Fig. 2. Optimal West Antarctic Divide surface temperature reconstructions.
The blue curve, our optimal reconstruction using Eq. 2 without random perturbations, is identical in A and B. (A) Eq. 1 (green), Eq. 2 (blue), and Eq.
2 plus random perturbations (red). Also shown are calibrated basis functions without isotopes (dashed black) and the same with prescribed cooling
before 21 ka (solid black). (B) Our final reconstruction [Eq. 2 (blue)] and
model-dependent ±2σ limits as defined in SI Calculation of Limits and Tolerance (dashed blue), together with linearly scaled ice-isotope curves with
sensitivities γ18 = 0.55‰ and 0.80‰ ◦ C−1 (gray).
Cuffey et al.
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Discussion
Our surface temperature reconstruction (Fig. 2B) indicates that
the surface in central West Antarctica was colder during the
LGM (average from 20 ka to 23 ka) than in the late Holocene
by 11.3 ± 1.8 ◦ C (2σ) (Table S3), whereas the net warming from
the LGM to the middle Holocene thermal maximum (3–6 ka at
this site) was perhaps as large as 13.7 ◦ C. Cited estimates for the
Cuffey et al.

deglacial warming at locations in East Antarctica are smaller,
from 7 ◦ C to 9.3 ◦ C at the ice-core sites Vostok, Dronning Maud
Land, Talos Dome, Dome F, and Dome C (6, 12, 26). It is
possible that there exists a real regional difference from West
Antarctica, where the climate is more strongly influenced by the
proximal ocean (24, 27), but these values all derive from assumptions about the sensitivity of ice isotopes to climatic temperature,
a method known to be inaccurate in Greenland (10, 28).
Influence of Elevation and Thickness Changes. Our reconstruc-

tion is of temperature at the ice-sheet surface. Some aspects of
the deglacial and Holocene temperature variations likely arise
from changes of surface elevation via the atmospheric lapse
rate. Further, the history of ice thickness influences our reconstructed surface temperature directly; thinning is associated with
increased vertical ice velocity, which would shift reconstructed
LGM temperatures to warmer values (SI Influence of Elevation
and Thickness Changes on Interpretation of Reconstructed Temperatures and Fig. S3). A plausible upper-limit case of 300 m
thinning at WAIS Divide in the last 15 ky (29–31), preceded by
thickening due to the known deglacial accumulation increase,
warms our reconstructed LGM surface temperature by ∼ 0.5 ◦ C.
For this reason, the limits of our LGM temperatures shown in
Fig. 2B have been expanded by this magnitude. Including the
lapse rate effect from such a thinning (adjusted for isostasy)
would imply a constant-elevation temperature change from LGM
to Holocene of 10.2 ± 1.4 ◦ C (SI Influence of Elevation and
Thickness Changes on Interpretation of Reconstructed Temperatures), which overlaps the range of surface temperatures shown
in Fig. 2B. Glaciological reasoning, ice-sheet model simulations, and geological constraints all suggest that smaller elevation
changes are more likely, indicating that a smaller or possibly even
negligible correction between surface temperature and constantelevation temperature is more appropriate.
Climatic Implications. Climate models predict that global temper-

ature changes are amplified in the polar regions by feedback processes involving atmospheric moisture transport, soil moisture,
heat exchange through sea ice, and the dependence of longwave
emissions and lapse rate on surface temperature, and by factors
controlling surface albedo: sea ice, ice sheets, snow, and vegetation (4, 8, 9, 32). All of these operate in the Arctic, but the much
smaller land area reduces or eliminates some of them in the
Antarctic. Averaging results from various climate model simulations of the LGM (21 ka) gives a global average cooling relative
to late Holocene of ∼4.4 ◦ C compared with an Antarctic (south
of 80 ◦ S) mean of 11 ± 4 ◦ C (4). Our result for West Antarctica
lies in the middle of the models’ rather broad range and implies
that Antarctic amplification through the deglacial climate transition was a factor of 2–3. A smaller contrast is expected in comparisons focused on mid-latitude sites. In the interval 18–15 ka,
we find that West Antarctica warmed by about 7 ◦ C, compared
with about 4 ◦ C indicated by glacier retreat in New Zealand (33).
Fig. 3A illustrates how our West Antarctic history compares to
estimated global-averaged temperature based on proxy records
interpreted in a model context (6, 34). Some estimates of the
global temperature depression at LGM are as small as 3.6 ◦ C,
whereas others are as large as 5.8 ◦ C (6, 7), and the two global
curves in Fig. 3A are scaled to match this range. Note that the
only proxies contributing to the estimated global temperature
history (6) from latitudes poleward of 55◦ S are the isotopes from
the four East Antarctic ice cores. Our results imply this might
be a source of bias, most likely an underestimate of temperature
change at high latitudes.
A recent synthesis of climate sensitivities estimated from paleoclimate data (35) concluded that a doubling of atmospheric
CO2 would increase global temperature by 2.2–4.8 ◦ C (68%
probability), values similar to or slightly higher than ones derived
PNAS | December 13, 2016 | vol. 113 | no. 50 | 14251
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ness Model and Use of Nitrogen Isotope Data, The Coefficient ω) and gives a match between model and observed temperature profiles with a root-mean-square error of 1.47 cK
(Table S2). This is an excellent match considering the total
range of the temperature profile (Fig. 1), but still larger than
the 0.8-cK tolerance defined by uncertainties in the measurement and in glaciological variables (SI Calculation of Limits
and Tolerance). To assess how much of the remaining mismatch
could be eliminated without altering the broad patterns implied
by δD and δ 15 N, we introduced a random perturbation term
to Eq. 2 before optimization (SI Reconstruction Strategy) and
tested various scenarios. The best one reduced the rms error to
1.11 cK. Fig. 1 illustrates its match between model and observed
temperature–depth profiles. This improvement is not large
enough to negate the model without perturbations and regardless is achieved without any significant changes in the reconstructed temperature (Fig. 2A). In contrast, the optimized Eq. 1
using ice isotopes alone can be firmly rejected, as can optimized
basis functions without isotopes (Fig. 2A and Table S2). Table S2
summarizes metrics of model performance for all stages of the
analysis. We note that using ω = 1 instead of ω = 0 in Eq. 2
significantly improves model performance, providing evidence
that the firn-thickness proxy serves as a thermometer despite
potential complexities in the controls on firn structure and gas
transport.
The true total uncertainty of reconstructed temperatures is difficult to define, given that borehole temperatures preserve only
long-term averages of the climatic forcing and given the possible
nonthermal influences on the isotopic proxies providing higherfrequency information. Within the context of our reconstruction
strategy, however, we can define limits by accounting for sources
of uncertainty in input variables and arbitrary model choices
(Table S4). The limits (Fig. 2B) are the quadrature sum of 2σ
uncertainties arising from model parameters and methodological choices, as summarized in Materials and Methods and SI Calculation of Limits and Tolerance.
Perspective on the utility of our reconstruction can be gained
by comparison with temperature histories derived from the traditional method of treating temperatures as a single linear function
of ice-isotopic data (δ = γ T + β, with constant γ dependent
on whether δ refers to deuterium (D) or oxygen-18 content,
such that γD = 8 γ18 ). Estimates of γ from studies of temporal
and spatial covariation of δ and T in Antarctica range from
γ18 ≈ 0.4‰ to 1.0‰ ◦ C−1 (22, 23), corresponding to approximately ±5.5 ◦ C of uncertainty in the LGM temperature at
West Antarctic Ice Sheet Divide, three times the uncertainty of
our reconstruction. Estimates of γ from temporal covariations,
presumably the most relevant for climate reconstruction, average γ18 ≈ 0.55‰ ◦ C−1 (24), whereas the continent-wide spatial covariation gives γ18 ≈ 0.8 ‰ ◦ C−1 (22, 25). Fig. 2B plots
these two cases in comparison with our reconstruction. The
LGM temperature given by the temporal sensitivity is too cold,
whereas, surprisingly, the spatial one matches our reconstruction well. Both, however, are too cold in the second half of
the deglaciation, 15–9 ka. That the comparative warmth of this
interval emerges strongly from the borehole temperature data
is apparent from both the range of our optimal reconstruction (Fig. 2B) and the shape of the simple nonisotopic models
(Fig. 2A).
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Fig. 3. Comparisons of temperature histories and forcings. (A) This study’s
optimal West Antarctic Divide surface temperature history (blue and left
axis) from Eq. 2, central Greenland temperature history (red and left axis)
from ref. 10, and global-average temperature from studies of the deglacial
period (6) and the Holocene (34) with an LGM temperature 3.6 ◦ C below
modern (solid green and right axis) and scaled at ages greater than 11 ka
to reach the colder LGM (−5.8 ◦ C) implied by ref. 7 (dashed green and right
axis). The best-constrained studies yield an LGM temperature between these
(5). (B) Various histories of forcings and temperatures (to facilitate comparisons of relative timing, the histories are all scaled to range from zero to
unity between 18.5 ka and 1 ka, times of nearly identical annually integrated insolation at 70 ◦ S): optimal West Antarctic Divide surface temperature (solid blue), average of East Antarctic ice cores (26) (dashed purple),
methane and carbon dioxide greenhouse gas climate forcing (46) (solid
black), and ice-sheet area albedo forcing calculated as sea-level change
raised to the power 0.8 according to the average relationship between icesheet area and volume (section 8.10.3 in ref. 13) (dotted black).

by other techniques. Those paleoclimate studies using Antarctic data have likely underestimated the temperature change in
response to the well-constrained change in CO2 and thus underestimated climate sensitivity. In particular, the analysis producing the lowest estimated sensitivity in the compilation (36, 37)
(a bit larger than 2.2 ◦ C) predicted an Antarctic LGM cooling
smaller than even estimates from the East Antarctic isotopic
proxies. Our reconstruction affirms that this is an underprediction. Antarctica accounts for a small fraction of global area and
hence does not contribute much directly to climate sensitivity
estimates, but the discrepancy may indicate too-weak feedbacks
in some of the models used to assimilate proxy data.
A noteworthy aspect of our reconstruction is that by 15 ka,
the millennial-averaged temperature had risen to within ∼2.5 ◦ C
of its late Holocene value (Fig. 2). The fraction of deglacial
warming accomplished by this time was most likely 0.77±0.05
(Table S3). Such early warming of West Antarctica is consistent
with inferences from retreat of glaciers in Southern Hemisphere
mountain ranges. Extensive retreat occurred between 18 ka and
14.5 ka in Patagonia (38), with the Patagonian ice cap attaining near-present dimensions by 15.5 ka (39). Glaciers in the New
Zealand Alps largely completed their major retreat by 15.7 ka
(40). Thus, our temperature reconstruction and glacial geologic
14252 | www.pnas.org/cgi/doi/10.1073/pnas.1609132113

proxies both confirm a significant inference from isotopic records
(6, 26, 41) that the high latitudes of the Southern Hemisphere
experienced much of their warming millennia before the Arctic.
At 15 ka Greenland had warmed by perhaps 5 ◦ C (Fig. 3A), or
less than 30% of the deglacial total (10), and did not maintain
interglacial temperatures until around 11 ka, four millennia later
than in West Antarctica.
Global climate evolution of the last deglaciation is regarded
as the superposition of two modes (41): a global warming following radiative forcing and an interhemispheric redistribution
of heat following variations in cross-equatorial heat transport
by the Atlantic Meridional Overturning Circulation. Reduced
Atlantic heat transport between 19 ka and 14.7 ka (Heinrich Stadial 1) cooled Greenland and contributed to the early Antarctic
warming. Climate model experiments suggest that this contribution amounted to no more than a few degrees (42), however,
and other factors such as increased insolation and associated
sea ice feedbacks were probably important (15, 43). How these
processes combined to produce the comparatively large inferred
warming remains uncertain and offers a potentially illuminating
target for further model studies.
In the period of early warming, 18.5–15 ka, increasing annually
integrated insolation and reduced northward oceanic heat transport account for a climate forcing of 1 to a few watts per meter2
specific to the Southern Hemisphere (SI Climate Forcings During Deglaciation). This can be compared with the global forcings
governing the difference between planetary temperatures of the
LGM and Holocene. Taken together, decreasing ice-sheet extent
(hence reduced albedo) and increasing greenhouse gas concentrations (CO2 and CH4 ) account for about 90% of the direct
global-averaged climate forcing, with respective magnitudes of
∼2.9 W·m2 and 2.2 W·m−2 (2). Fig. 3B plots histories of these
two forcings. Antarctic warming leads the greenhouse gas forcing
through the deglaciation, and the fractional increases (Fig. 3B)
put an upper limit on the contribution of the gases to Antarctic
warming between 18.5 ka and 15 ka of ∼65%. The magnitude of
the gas forcing by 15 ka was ∼1 W·m−2 , equal to or somewhat
smaller than the forcing from combined insolation and reduced
ocean transport. Given this similarity, the observation that CO2
could account for roughly half of the warming is consistent with
normative estimates of its climatic impact.
Fig. 3B also shows strong similarities between our West
Antarctic temperature history and a composite of the ice-isotopic
records from interior East Antarctica (26), although the latter
covaries yet more closely with the greenhouse forcing. In the
Holocene, a maximum at around 4 ka appears in both parts of
the continent, with a West Antarctic magnitude of 0.6–1.2 ◦ C
warmer than the last millennium (0–1 ka). Differences at other
times might record changes of elevation, sea ice, or other factors. The West Antarctic warming just before 18 ka, attributed
previously to insolation driving Southern Ocean warming and
sea ice retreat to which East Antarctic isotopes are less sensitive
(15), appears in Chile as glacier advance and in New Zealand
as glacier retreat punctuated by readvances that left moraines
(33, 44). These glaciers are thought to respond to Southern
Ocean temperatures as well (45).
Conclusion
The temperature reconstruction reported here provides information about the thermal state of firn and ice through time
at the West Antarctic Divide site, an essential input to studies
of the depth–age relationship, interhemispheric climate phasing, CO2 history, and covariation of temperature with accumulation (16, 47, 48). Of greatest immediate interest, however, is
our demonstration that the global deglacial temperature change
was amplified by a factor of 2–3 in the Antarctic, that Antarctic
warming was largely achieved by 15 ka in coherence with records
from Southern Hemisphere mountain ranges, and that climate
Cuffey et al.

Materials and Methods
Calculation of Temperatures as a Function of Depth. We used the controlvolume method (49) to solve the one-dimensional time-dependent energy
balance equation accounting for conduction, advection, and sources (SI Calculation of Temperatures vs. Depth).
Optimization. Singular value decomposition was used to find parameter
values that minimized the squared mismatch of modeled and measured
temperatures. Every such optimization involved free parameters related to
surface temperature variations plus three additional free parameters: the
modern mean surface temperature, the present ice thickness (known to be
in the range 3,450–3,470 m), and the rate of basal melt. The latter accounts
for the geothermal heat flux, which is not an independent parameter. The
number of simultaneous free parameters in all optimizations (Eqs. 1 and 2)
remains constant (six).
Measurement of Borehole Temperatures. Temperatures in the fluid-filled
WDC borehole were logged during December 2011 and again during
December 2014, using the US Geological Survey Polar Temperature Logging
System (PTLS) (50, 51) (SI Measurement of Borehole Temperatures). Combined uncertainties in assessing temperatures in the surrounding ice are
∼5.3 mK for the fluid-filled portion of the borehole (depths >96 m). Above
96 m we used the temperature profile previously measured in a neighboring
air-filled hole (52), shifted uniformly to match the values determined by the
more accurate PTLS measurements.
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Ice-Core Data. Measurements of δD of ice and δ 15 N of trapped N2 were
by laser spectroscopy and mass spectrometry, respectively (15, 47) (SI
Ice-Isotopic Data and SI Nitrogen-Isotopic Data). The age–depth relation and annual layer thicknesses were determined by identifying and
counting annual layers back to ∼31 ka and by cross-correlations of gas
records prior to this time (16, 47, 53) (SI Age–Depth Relation and Layer
Thicknesses).

trapping, accounting for gravitational settling, thermal fractionation, and
near-surface convective mixing with the atmosphere. The calculated δ 15 N
for current climate matches the observed modern value.
Calculation of ∆TN (t). We first calculated δ 15 N(t) using an initial ḃ(t)
derived from observed ice-core layer thicknesses and the strain model associated with an initial optimized Ts (t). Comparison with measured δ 15 N(t)
then defined an adjustment to ḃ(t). This process was iterated until measured and modeled δ 15 N(t) agreed as well as possible (Fig. S1), following
the method described in refs. 28 and 47. The temperature-history correction ∆TN (t) was then calculated as a function of the ratio of the adjusted
ḃ(t) to the initial ḃ(t). This function describes the coupled dependence of
δ 15 N on temperature and accumulation rate according to firn density models and the barometric equation and has been calibrated against modernday observations and various sites. The entire process was iterated several
times. Fig. S1 illustrates the close match between the optimized model’s two
histories of accumulation rate, one estimated from ice strain and the other
from reconstructed temperatures via δ 15 N. We also repeated analyses with
two alternative firn densification models (21, 54).
The coefficient ω in Eq. 2. As a function of age our optimized model uses
ω = 0 for <3 ka, ω = 1 for 3.5–12 ka, and ω ≈ 0.5 for >15 ka (see SI Firn
Thickness Model and Use of Nitrogen Isotope Data, The Coefficient ω for
explanation). Alternative variations of ω(t) are used in defining limits on
the temperature history.
Calculation of ±2σ Limits on Reconstructed Temperature. We perturbed
uncertain input variables and recalculated optimal temperature histories.
The most important variables proved to be the ice thickness history, depth–
age scale, and thermal conductivity of ice (SI Calculation of Limits and Tolerance). In addition, we used such recalculations to assess the impact of
altering choices about model strategy, including the shape and timing of
basis functions and values of the coefficient ω, both in Eq. 2. Finally, we
assessed the uncertainty arising from upstream variations of flow and temperature by comparing results from our one-dimensional model with those
from a 2D model. The limits shown in Fig. 2B derive from quadrature sums
of all these effects.
Data Availability. All data are available online through the U.S. Antarctic
Program Data Center (http://www.usap-data.org/).

Firn Thickness Model and Use of Nitrogen Isotope Data. SI Firn Thickness
Model and Use of Nitrogen Isotope Data provides more information.
Calculation of δ 15 N(t). Given simultaneous histories of accumulation rate
(ḃ(t)) and Ts (t), we calculated firn density profiles using an empirical model
(20), recast to use overburden load as a driving variable as in refs. 28 and 47.
The density profile, in turn, is used to calculate δ 15 N(t) of gas at the depth of
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